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radiogenic heat production in a long-lived high-T orogen
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Abstract
We report the discovery of osumilite in ultrahigh-temperature (UHT) metapelites
of the Anosyen domain, southern Madagascar. The gneisses equilibrated at
~930°C/0.6 GPa. Monazite and zircon U–Pb dates record 80 Ma of metamorphism. Monazite compositional trends reflect the transition from prograde to retrograde metamorphism at 550 Ma. Eu anomalies in monazite reflect changes in fO2
relative to quartz–fayalite–magnetite related to the growth and breakdown of spinel. The ratio Gd/Yb in monazite records the growth and breakdown of garnet.
High rates of radiogenic heat production were the primary control on metamorphic grade at the regional scale. The short duration of prograde metamorphism in
the osumilite gneisses (<29  8 Ma) suggests that a thin mantle lithosphere
(<80 km) or advective heating may have also been important in the formation of
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| INTRODUCTION

Granulite facies and ultrahigh-temperature metamorphism
(UHTM: >900°C in the granulite facies) represent the thermal limit of processes within the Earth’s crust (Kelsey &
Hand, 2015). Due to the large volumes of granitic melt that
can be generated during UHTM (Bea, 2012), understanding
how UHT terranes form is fundamental to understanding
(1) how crust differentiates (Sawyer, Cesare, & Brown,
2011) and (2) how lithosphere is weakened during (Nelson
et al., 1996) and strengthened after (Sandiford & McLaren,
2002; Sandiford, Mclaren, & Neumann, 2002) orogenesis.
UHTM has been reported in Archean through Cenozoic
rocks (Brown, 2006) and is thought to be occurring in the
middle to lower crust of Tibet today (Hacker, Ritzwoller,
& Xie, 2014; Hacker et al., 2000). Despite the ubiquity of
J Metamorph Geol. 2018;36:855–880.

UHTM in the geological record, the relative importance of
processes that led to UHTM in individual terranes is often
unclear.
Ultrahigh-temperature metamorphism has been attributed to advection of heat through asthenospheric upwelling,
juvenile magmatism and/or lithospheric extension; these
processes are inferred to occur in arcs and back-arcs (Bohlen, 1987; Brown, 2006; Kemp, Shimura, & Hawkesworth,
2007; Pownall, 2014; Sandiford & Powell, 1986). Rigorously assessing the role of these heat sources in ancient
rocks is difficult because of their inherent transience. Direct
support for advective heating comes from exposed UHT
rocks in the still-active arc of Japan (Kemp et al., 2007)
and UHT rocks associated with Miocene-to-Recent lithospheric extension in Indonesia (Pownall, 2014). Indirect
support comes from UHTM inferred at depth from high
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heat flow measurements in back-arcs and in continental
crust undergoing extension (Hyndman, Currie, & Mazzotti,
2005; Sandiford & Powell, 1986).
Ultrahigh-temperature metamorphism can also occur
from heat sources entirely internal to the crust. UHTM can
occur as the result of prolonged (>40 Ma) thickening of
crust with high concentrations of radioactive elements (U,
Th and K: Bea, 2012; Clark et al., 2015; Horton, Hacker,
Kylander-Clark, Holder, & J€
ons, 2016; Jaupart, Mareschal,
& Iarotsky, 2016). In this case, no high-T magmatism is
required. Support for this hypothesis includes ongoing
UHTM in the middle to lower crust of modern central
Tibet (Hacker et al., 2000, 2014), long UHT durations
(40–100 Ma, e.g. Harley, 2016), and an apparent correlation of UHTM with supercontinent amalgamation (Brown,
2006). UHTM might also occur as a result of strain heating
in shear zones (Nabelek, Whittington, & Hofmeister, 2010;
Whittington, Hofmeister, & Nabelek, 2009), but strain heating is generally thought to be incapable of causing regional
UHTM on its own due to the anticorrelation between shear
strength and temperature, the anticorrelation between shear
strength and degree of melting, and the tendency for strain
to be partitioned into weaker layers where strain heating is
less effective (Clark, Fitzsimons, Healy, & Harley, 2011).
In this paper, we test the relative importance of advection
and radiogenic heat production in the metamorphism of the
Ediacaran–Cambrian Anosyen domain, southern Madagascar, with phase-equilibria modelling and monazite+zircon
petrochronology. A correlation between terrane-scale radiogenic heat-production rate and metamorphic T/P indicates
that the distribution of U, Th and K was a primary control
on regional metamorphic grade. Thermal modelling suggests
that average crustal heat-production rates must have been
>3 lW/m³ and that the mantle lithosphere must have been
relatively thin (<80 km) in order to explain the peak P–T–t
conditions recorded by the gneisses: ~930°C/0.6 GPa, and
prograde metamorphism over 20–40 Ma. Advection of heat
by high-T magmatism may also have been important locally.
Evidence supporting a component of advective heating
includes: (1) the spatial coincidence of osumilite gneisses
around the voluminous Anosyen Batholith, a batholith of
high-T (mostly felsic) plutons, at least some of which were
emplaced during prograde to peak metamorphism in the surrounding gneisses; (2) a short duration of prograde metamorphism (20–40 Ma) and (3) the low pressures (~0.6 GPa)
inferred for prograde metamorphism.

2 | THE ANOSYEN DOMAIN OF
SOUTHERN MADAGASCAR
The Anosyen domain (Figure 1) is the southeasternmost
and highest grade tectonic unit of the Malagasy basement.
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It is bounded by the Androyen domain to the west and the
Ikalamavony domain to the north. It is composed of metapelitic, calcsilicate and felsic paragneisses that were deposited in the Meso- to Neoproterozoic then metamorphosed
and intruded by the Anosyen Batholith/Ambalavao suite
between 590 and 510 Ma (e.g. GAF-BGR, 2008; Tucker,
Roig, Moine, Delor, & Peters, 2014). Detrital zircon ages
indicate that the Anosyen metasedimentary rocks are likely
correlative with other metasedimentary rocks exposed
throughout central and northern Madagascar, south India
and Sri Lanka, suggesting a shared tectonic history of these
regions prior to Ediacaran–Cambrian metamorphism (Boger
et al., 2014). Metamorphism has been interpreted as the
result of continental collision following closure of the
Mozambique Ocean (“East African Orogeny” between
India and east Africa) and/or the Mawson Ocean (“Kuunga
Orogeny” between India–East Africa and Antarctica: Boger
et al., 2015; Collins & Windley, 2002; Meert & Lieberman, 2008; Tucker et al., 2014). The metamorphic and
magmatic history of the Anosyen domain is presented in
more detail below.

2.1 | Metamorphism of the Anosyen
sedimentary rocks
Metamorphic U–Pb zircon and monazite dates from
gneisses in the Anosyen Domain are 590–500 Ma with a
mode at 540 Ma (Boger et al., 2014; GAF-BGR, 2008;
Giese, Berger, Schreurs, & Gnos, 2011; Horton et al.,
2016; J€ons & Schenk, 2011; Martelat, Lardeaux, Nicollet,
& Rakotondrazafy, 2000; Tucker, Roig, Macey, et al.,
2011). These metamorphic dates are nearly identical to the
dates from the granulites of southernmost India (Blereau
et al., 2016; Clark et al., 2015; Johnson, Clark, Taylor,
Santosh, & Collins, 2015; Taylor et al., 2014), interpreted
to have been contiguous with southern Madagascar at the
time. Horton et al. (2016) have also reported dates as old
as 610 Ma in and near the Beraketa shear zone along the
western margin of the domain, but the significance of these
dates is unclear; dates older than 590 Ma within the
domain are limited to a single SHRIMP zircon analysis in
each of two samples described by J€ons and Schenk (2011),
and two LA-ICP-MS zircon analyses from another sample
described by Horton et al. (2016). A single Sm–Nd garnet–
zircon–monazite–whole-rock
isochron
date
of
588  13 Ma (MSWD = 0.11) was reported for an Alspinel–quartz leucogneiss collected near T^olanaro (Paquette, Nedelec, Moine, & Rakotondrazafy, 1994). Martelat
et al. (2000) conducted a targeted U/Th–Pb microprobe
monazite dating campaign of rocks from within a variety
of structural settings across south Madagascar. A regional,
flat-lying “D1” granulite facies fabric was inferred to have
developed between 590 and 530 Ma and been locally
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F I G U R E 1 (a) Simplified geological map of the Anosyen domain in southeast Madagascar (modified from GAF-BGR, 2008). (b) The
position of Madagascar during Gondwana assembly (modified from Boger et al., 2015)

overprinted by subvertical “D2” transpressional shear zones
(still within the granulite facies) until sometime between
530 and 510 Ma. Martelat et al. interpreted D1 and D2 to
represent a “whole progressive deformation event,” rather
than discrete periods of deformation. The timing of
retrograde metamorphism and cooling is constrained by
550–520 Ma leucosomes and pegmatite dykes interpreted
to represent partial melt crystallization (Collins, Kinny, &
Razakamanana, 2012; J€
ons & Schenk, 2011; Paquette
et al., 1994; Tucker, Roig, Macey, et al., 2011),
537  14 Ma monazite that co-crystallized with high-F
apatite and biotite in metre-scale veins at 750–800°C at
Manangotry Pass (Montel et al., 2018), a 453  6 Ma Ar/
Ar biotite date from Manangotry Pass (Montel et al., 2018)

and Ar/Ar (480  2 Ma) and Rb/Sr (492  10, 491  10
Ma) phlogopite dates from metre-scale carbonatite bodies
near Beraketa (Martelat, Randrianasolo, Schulmann, Lardeaux, & Devidal, 2014).
Previous investigations indicate that the Anosyen
metasedimentary rocks were metamorphosed between 0.4
and 1.1 GPa, with most studies suggesting ~0.6 GPa. Peak
temperatures were >900°C in the southern portion of the
domain (Tranomaro–T^olanaro area, Figure 1) and colder in
the north by 50–100°C (near and north of Ihosy, Figure 1:
individual studies are outlined below). Most of the previous
thermobarometric constraints are from the northern portion
of the domain (near Ihosy) and along its western margin
(the Beraketa shear zone), due to ease of access. The most
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detailed thermobarometry of the interior of the domain was
conducted by Boger, White, and Schulte (2012), who used
pseudosections of three common rock types to infer peak
temperatures of 880–920°C near Tranomaro and 840°C
near Ihosy. Boger et al. (2012) inferred a prograde path at
0.6–0.65, with 0.1 GPa of decompression near the peak
temperature, based on inclusion relationships and preserved
reaction textures among minerals.
J€ons and Schenk (2011) demonstrated the regional
extent of high-grade metamorphism by reporting pseudomorphs after osumilite, sapphirine–quartz, spinel–quartz
and orthopyroxene–sillimanite–quartz assemblages. They
used these assemblages to infer UHTM; however, fresh
osumilite was not observed, and the presence of ferric iron
—inferred from magnetite and hemo-ilmenite assemblages
—in the sapphirine–quartz, orthopyroxene–sillimanite–
quartz, and many of the spinel–quartz rocks means that the
precise thermal significance of these assemblages is unclear
(Kelsey, 2008). Using experimentally calibrated thermobarometers, they interpreted peak conditions of 1,000°C/
1.0 GPa, followed by decompression and cooling to
800°C/0.5 GPa. J€
ons and Schenk inferred that temperatures
were lower near Ihosy than near Tranomaro based on a
systematic south-to-north decrease in biotite and garnet
Mg# (Mg/[Mg+Fe]) in biotite–garnet–sillimanite gneisses.
They also estimated peak temperatures of 900–1,000°C
based on reintegrated perthite compositions and the feldspar solution model of Fuhrman and Lindsley (1988).
Horton et al. (2016) calculated minimum temperatures
from Ti in quartz and Zr in rutile. If the pressure was
1 GPa (GAF-BGR, 2008; J€
ons & Schenk, 2011), then
Tquartz = 930°C and Trutile = 970°C. If pressure was 0.6
GPa—the pressure reported by most studies—then,
Tquartz = 830°C and Trutile = 940°C. The Ti-in-quartz temperatures are minima, because aTiO2 was assumed to be
unity although rutile was not present in most of the samples. The Zr-in-rutile temperatures come from the Beraketa
shear zone (Figure 1a), which defines the western margin
of the domain; the interior of the domain might be
expected to be hotter.
Martelat et al. (2012) determined the P–T conditions of
equilibrium of a garnet leucogneiss within the Zazafotsy
shear zone near Ihosy to be 800–950°C/0.9–1.1 GPa using
two-feldspar thermometry (Benisek, Dachs, & Kroll, 2010;
Benisek, Kroll, & Cemic, 2004; Fuhrman & Lindsley,
1988) and garnet–sillimanite–quartz–plagioclase barometry
(TWEEQ). Both pressure and temperature may have been
overestimated; recalculation of their GASP pressures using
the THERMOCALC solution models and end-member mineral
data (for direct comparison with Boger et al., 2012) and
their feldspar temperatures using the solution model of
Benisek et al. (2010) (correcting for K–Na diffusion using
the method of Kroll, Evangelakakis and Voll (1993) for
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direct comparison with our results below) returns P–T conditions of 0.6–0.7 GPa and 750–850°C; these values are
comparable to those suggested for the area near and north
of Ihosy by Boger et al. (2012) and Raith, Rakotondrazafy,
and Sengupta (2008).
Raith et al. (2008) calculated metamorphic conditions of
800°C/0.6–0.7 GPa from corundum–spinel–sapphirine–
anorthite–phlogopite gneisses (“sakenites”) 75 km northwest of Ihosy, suggesting that the northern part of the Anosyen domain experienced lower peak temperatures,
consistent with the interpretations of Boger et al. (2012)
and J€ons and Schenk (2011).
Rakotonandrasana, Arima, Miyawaki, and Rambeloson
(2010) calculated P–T conditions ranging from 880°C at
0.45 GPa to 1,060°C at 0.65 GPa for h€ogbomite–hematitebearing pelitic rocks within the Anosyen domain just south
of Ihosy using pseudosections and WinTWQ. They interpreted that the rocks experienced a component of decompression near peak temperature based on coronal
relationships suggesting the reactions spinel+quartz?cordierite, and garnet+sillimanite?cordierite+spinel, but did
not quantify the magnitude of decompression. They
neglected ferric iron in their pseudosections, an important
component given the Fe3+-rich oxides in their rocks.
Ackermand (1991) calculated peak P–T conditions of 1
GPa and 950–980°C followed by decompression and cooling to 0.6 GPa and 800°C in silica-undersaturated sapphirine–cordierite–orthopyroxene rocks within the Beraketa
shear zone, using the equilibria enstatite+sillimanite=sapphirine+cordierite, enstatite+sapphirine=cordierite+spinel,
and the Al content of enstatite. They also reported metamorphic conditions of 750–950°C/0.5–0.6 GPa in metapelites near Ihosy and pressures of 0.45–0.55 GPa (no
reported temperature) in garnet–cordierite–spinel gneisses
near T^olanaro.
Nicollet (1985) reported temperatures >700°C at 0.5–
0.55 GPa in metapelites near Ihosy using garnet–biotite
and garnet–sillimanite–cordierite–quartz equilibria. Rakotondrazafy, Moine, and Cuney (1996) recognized near-pure
meionite in hibonite-bearing calcsilicate rocks near Tranomaro, implying temperatures >850°C. They also reported
isochores of CO2 fluid inclusions in corundum indicating
P–T conditions of entrapment at 850°C/0.5 GPa. Inclusions
in hibonite and anorthite indicate P–T conditions of entrapment at 800°C/0.35 GPa.

2.2

| Magmatism within the Anosyen domain

The Anosyen domain contains two groups of plutonic
rocks: the voluminous Anosyen Batholith (Figure 1; Paquette et al., 1994; part of the broader Ambalavao Suite in
GAF-BGR, 2008) and dykes, pegmatites, leucosomes and
small plutons interpreted to be the result of small-volume,
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partial melt crystallization during cooling. Dates for dykes,
pegmatites, leucosomes and small plutons have been
reported between 550 and 520 Ma (Collins et al., 2012;
J€ons & Schenk, 2011; Paquette et al., 1994; Tucker, Roig,
Delor, et al., 2011).
The Anosyen Batholith (Figure 1) contains “syn-” to
“post-tectonic” plutons of orthopyroxene granite to syenite,
garnet (spinel) granite to syenite, quartz monzonite and one
pluton of gabbro (GAF-BGR, 2008). It comprises 30–50% of
the basement exposed in the southeastern part of the Anosyen
domain (GAF-BGR, 2008). GAF-BGR (2008) divided the
batholith into a single, large “early” pluton and many smaller
“late” plutons based on whether the plutons were discordant
to the granulite facies foliation (“D1” loosely constrained
between 590 and 530 Ma; Martelat et al. (2000).
Eight published U–Pb zircon and monazite dates for plutons in the Anosyen batholith range from 570 to 520 Ma.
GAF-BGR (2008) dated a concordant pluton at
573  12 Ma and a discordant pluton at 521  12 Ma
(weighted mean SHRIMP 207Pb/206Pb date of youngest analyses; 206Pb/238U dates for concordant analyses range from
560 to 515 Ma) and considered these dates as representative
of the “early” and “late” plutons in the batholith. Paquette
et al. (1994) reported ID-TIMS U–Pb zircon intercept dates
of 572  14 Ma for the largest concordant body and
570  3 Ma for each of two discordant orthopyroxene granites, suggesting both generations of plutons were emplaced at
nearly the same time. These dates are upper intercepts of discordia that project through the origin in Wetherill concordia
diagrams, consistent with Pb loss from portions of zircon
grains that had experienced radiation damage: a common
characteristic of U–Pb zircon data prior to the development of
“chemical-abrasion” treatment (Mattinson, 2005). Sm–Nd
isochrons from the same rocks agree with the U–Pb zircon
intercept dates: 565  7 and 555  24 Ma for the concordant and discordant bodies, respectively. Paquette et al. also
collected zircon Pb-evaporation dates, which were generally
younger (560–530 Ma), and were considered minimum
emplacement dates for the orthopyroxene granites (their discussion section). Martelat et al. (2000) reported U/Th–Pb
monazite EPMA dates of 558  12, 536  7 and
523  8 Ma from orthopyroxene granites; the two younger
dates were obtained from bodies within “D2” shear zones.

3 | OSUMILITE AND Al-SPINEL–
QUARTZ GNEISSES OF SOUTHERN
MADAGASCAR
The samples in this study come from a 100 9 100 km area
of the Anosyen domain, southeastern Madagascar, containing the Anosyen Batholith and the cities of Tranomaro,
T^
olanaro, Amboasary and Esira (Figure 1). Although the
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study area is large, pressure estimates from within the same
area (0.5–0.65 GPa: Ackermand et al., 1989; Boger et al.,
2012; Rakotondrazafy et al., 1996: Section 2.1) suggest
that all of the gneisses formed at nearly the same depth
and record the same tectonic and thermal history. Coordinates of the sample localities used for thermobarometry
and geochronology are provided in Table S2.

3.1

| Osumilite gneisses

We report the first observation of osumilite in Madagascar
from sample 23A (Figure 2a). The presence of osumilite
had been inferred (J€ons & Schenk, 2011) from the presence
of
cordierite–K-feldspar–quartzorthopyroxenebiotite
symplectites (Figure 2a–c). In most samples, these symplectites occur as near-equant 0.5–2 mm pseudomorphs
within the matrix (Figure 2c) and as coronae that mantle
other phases; the latter texture has been interpreted to
reflect osumilite breakdown in the presence of partial melt
(Korhonen, Brown, Clark, & Bhattacharya, 2013) and is
consistent with the absence of orthopyroxene in most of
the symplectites (Figure 2c; figure 7 in Korhonen et al.,
2013). Similar symplectites have been observed in the
“Bakika Formation” by Boger et al. (2012), although those
authors did not interpret them to be the result of osumilite
breakdown, because osumilite was not calculated to be
stable in a pseudosection of that rock. Rocks with osumilite
or pseudomorphs after osumilite have only been found
adjacent to the Anosyen Batholith (Figure 1; J€
ons &
Schenk, 2011; this study). Unlike most osumilite-bearing
rocks worldwide, the osumilite-bearing rocks of Madagascar do not contain orthopyroxene, except in some of the
symplectites after osumilite. Two samples were chosen for
pseudosection modelling and are described in more detail
in the following paragraphs. Details of how the pseudosections were constructed are presented in Section 4.2.
Sample 22H contains quartz, alkali-feldspar, plagioclase,
Al-spinel (with magnetite exsolution, but magnetite does
not occur as separate grains; 0–0.01 atoms per formula unit
each of Zn, Cr and Mn; Table S2), ilmenite, cordierite, biotite and garnet. Silicate phases are typically 200–500 lm in
diameter except in cordierite–K-feldspar–quartz symplectites after osumilite (Figure 2c) and coronae (Figure 2c–g);
spinel and ilmenite are typically 50–100 lm in diameter.
Cordierite most commonly occurs as coronae around spinel, ilmenite, garnet, and less commonly, sillimanite.
Equant cordierite also occurs in association with feldspar
and quartz in the matrix. Plagioclase occurs as equant
grains in the matrix and in worm-like intergrowths with
quartz or alkali-feldspar; the latter are interpreted to be the
result of melt crystallization. Alkali-feldspar contains exsolution lamellae of plagioclase, but plagioclase does not contain exsolution lamellae of alkali-feldspar. Biotite most
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F I G U R E 2 Microtextures of osumilite gneisses 23A and 22H. Mineral abbreviations after Kretz (1983). (a) Back-scattered electron (BSE)
image of fresh osumilite with a magnetite inclusion, surrounded by a symplectite of K-feldspar–cordierite–quartz–orthopyroxene from sample
23A. Orthopyroxene only occurs in four restricted areas immediately adjacent to the osumilite grain. (b) Higher magnification BSE image of the
symplectite in (a). (c) BSE image of K-feldspar–cordierite–quartz symplectite interpreted to be a pseudomorph after osumilite in sample 22H. (d)
Optical photomicrograph of xenoblastic garnet interpreted to have grown at the expense of spinel in sample 22H. (e) Corona of garnet around
spinel in sample 22H. (f) Partial corona of garnet around cordierite in sample 22H. (g) Coronae of sillimanite around spinel in sample 22H,
interpreted to reflect sillimanite growth at the expense of spinel during cooling

commonly occurs rimming other mafic phases or as
xenoblastic grains in the matrix. Garnet occurs as up to 1
mm xenoblastic grains with ubiquitous inclusions of Al-spinel (no Zn or Cr), quartz and sillimanite (Figure 2d), as
100–200 lm coronae around Al-spinel (Figure 2e), and, in
one location, as a partial corona around cordierite (Figure 2f). Outside garnet, sillimanite occurs as a matrix phase
and as coronae around Al-spinel (Figure 2g).
Sample 23A is the only sample in which fresh osumilite
was observed. Fresh osumilite occurs at the centre of a 1.5
cm-wide fine-grained symplectite of alkali-feldspar, cordierite, quartz, orthopyroxene and magnetite (Figure 2a,b).
Orthopyroxene was only found in the symplectite immediately adjacent to the fresh osumilite; even adjacent to the
osumilite, its presence is spatially restricted (Figure 2a).
Orthopyroxene is not present near the spinel–quartz–sillimanite–feldspar matrix. The symplectite minerals are elongate perpendicular to the boundary of the fresh osumilite;
abrupt changes in the orientations and modal proportions
of minerals within the symplectite are inferred to be former
osumilite grain boundaries. The fresh osumilite contains a
single inclusion of magnetite (Figure 2a). Quartz, alkali-

feldspar, magnetite, ilmenite and monazite occur as inclusions within the fine-grained symplectite near the fresh
osumilite; these phases are interpreted to have been former
inclusions in osumilite. Biotite and coarser grained cordierite occur as xenoblastic grains and coronae around spinel,
magnetite, and ilmenite that extend into the symplectite
near its margins. Large zircon (up to 200 lm) and a single
monazite are associated with one biotite corona around a
composite magnetite–ilmenite grain (Section 5.2, below).

3.2

| Al-spinel–quartz gneisses

The gneisses along the southeast coast of Madagascar
(south and east of the Anosyen Batholith; Figure 1) consist
mainly of leucogneiss dominated by a single ternary feldspar (now mesoperthite), quartz, and garnet with minor Alspinel, ilmenite and sillimanite (Figures 3 and 4). Spinel
occurs mainly in intergrowths with quartz adjacent to garnet (Figure 3a,b), but also as isolated grains in the matrix.
Magnetite exsolution is absent or makes up <1 vol.% of
the spinel in all samples of this rock type. Spinel is commonly separated from quartz by 20–100 lm coronae of
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garnet, sillimanite, garnet–sillimanite or plagioclase (Figure 3b–d). Cordierite coronae around garnet and spinel are
present in some samples, but not sample 18A used for
pseudosection modelling. Biotite is a local retrograde phase
around spinel and garnet. Plagioclase occurs as films along
mesoperthite grain boundaries (Figure 4) and in intergrowths with quartz, suggesting growth from the exsolution
of ternary feldspar and from melt crystallization. Garnet
contains inclusions of alkali-feldspar and quartz.

| THERMOBAROMETRY

4
4.1

| Feldspar thermometry

Minimum temperatures of metamorphism were calculated
from reintegrated mesoperthite compositions and plagioclase films along mesoperthite grain boundaries in two hercynite–quartz gneisses (samples 18A and 18B: Figure 4).
The solution model and Na–K exchange correction recommended by Benisek et al. (2010) were used. The pressure
used in the calculations was 0.6 GPa. Analytical uncertainties on feldspar compositions were 0.5, 0.9, 0.5, 5.0, 0.5,
7.6 and 0.5% for Xabpl, Xanpl, Xabaf, Xanaf, Xsanaf, Xsanpl and
Xsanaf, respectively (EPMA analyses in Tables S2 and S3).
Calculations were done 2,000 times by Monte-Carlo simulation from plagioclase–reintegrated mesoperthite compositional pairs. The temperatures and uncertainties reported
below reflect the median and 95% confidence interval of the
Monte-Carlo simulation. Calculations in which the standard
deviation of Tab, Tan and Tsan never decreased below 10°C
during the Na-K exchange correction were excluded (see
Benisek et al., 2010 for explanation of Tab, Tan and Tsan).

The four perthites from sample 18A returned temperatures of 882 +45/107, 943 +29/48, 899  34 and
913  13°C. The four perthites from sample 18B returned
temperatures of 919 +17/30, 927 +28/48, 932  23
and 922 +25/31°C. All calculated temperatures agree
between 910 and 930°C; this is a minimum temperature
estimate for these rocks. J€ons and Schenk (2011) also presented ternary feldspar thermometry temperatures: 900–
1,000°C using the solution model of Fuhrman and Lindsley
(1988). Their slightly higher temperatures are the result of
lower miscibility in the Fuhrman and Lindsley (1988) solution model, compared to the Benisek et al. (2010) model.
For a discussion of the different feldspar solution models,
see Benisek et al. (2010).

4.2

| Phase-equilibria modelling

Pseudosections for two osumilite gneisses and one Alspinel–quartz gneiss were constructed (Figures 5 and 6)
using bulk compositions calculated from mineral modes in
thin section, mineral molar volumes and mineral compositions measured by EPMA (Table S4). Oxide components
used in the calculations were Na2O, CaO, K2O, FeO,
Fe2O3, MgO, MnO, Al2O3, SiO2, TiO2 and H2O. Calculations were made using the gridded minimization algorithm
of Perple_X 6.7.8 (Connolly, 2009). Diagrams were constructed using the mineral end-member thermodynamic
database of Holland and Powell (2011). The ternary feldspar solution model used is from Benisek et al. (2010) to
facilitate direct comparison with feldspar temperatures
(Section 4.1). The osumilite solution model used is that of
Holland, Babu, and Waters (1996). Garnet, cordierite,
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silicate melt, biotite and orthopyroxene are from White,
Powell, Holland, Johnson, and Green (2014) and White,
Powell, and Johnson (2014); ilmenite is from White, Powell, Holland, and Worley (2000) with MgTiO3 added as
described by White, Powell, Holland, et al. (2014) and
MnTiO3 added as described by White, Powell, and Johnson
(2014); spinel is from White, Powell, and Clarke (2002).

4.2.1 | Elemental components not included in
the osumilite solution model
EPMA measurements of osumilite in sample 23A indicate
0.01 atoms of Ti, 0.04 atoms of Mn, 0.06 atoms of Ca and
0.01 atoms of Na per formula unit (30 oxygen; Table S2).
The osumilite model of Holland et al. (1996) does not
include Ti, Na, Ca, Mn, Fe3+ or vacancies. The effects these
components have on osumilite stability are not known and
must be considered when interpreting the pseudosections of
this manuscript. Experiments by Das, Dasgupta, and Miura
(2001) in K2O–FeO–Fe2O3–MgO–Al2O3–SiO2–H2O suggest osumilite stability at high fO2 is restricted to > 850°C/
<0.85 GPa—similar to its stability at low fO2 conditions
(Carrington & Harley, 1995)—but whether Fe3+ is actually
incorporated into osumilite in significant amounts remains
unclear (see discussion by Das et al., 2001). The osumilite
of sample 23A, in this study, has an average cation total of
18.07 for 30 oxygen; 0.4% higher than the expected 18
cations for the simplified osumilite solid solution used in
the Holland et al. (1996) solution model. A higher than

expected cation total may indicate that molecular weight
was underestimated in the processing of EPMA measurements, possibly related to the additional oxygen bonded to
ferric relative to ferrous iron. This argument, however,
hinges on the assumption that osumilite should have exactly
18 cations per 30 oxygen. For natural osumilite, reported
cation totals are typically slightly less than 18 (Armbruster
& Oberhaesnsli, 1988; Berg & Wheeler, 1976; Chinner &
Dixon, 1973; Olsen & Bunch, 1970); a notable exception is
the osumilite reported by Arima and Gower (1991). Even
the osumilite from the hematite–magnetite buffered experiments of Das et al. (2001), has cation totals slightly less
than 18; suggesting that cation totals are not a reliable
method for estimating ferric iron content. Furthermore, most
of the “excess” cations calculated for osumilite in sample
23A can be accounted for by the excess alkalis. The sum of
Na, K and Ca is, on average, 1.04: the maximum occupancy
of the 12-fold coordinated A site is unity. The excess alkali
metals may be indicative of partial occupancy of an additional site—the B site—that has been suggested for other
osumilite group minerals yagiite (Bunch & Fuchs, 1969),
roederrite (Fuchs, Frondel, & Klein, 1966; Olsen, 1967) and
merrihueite (Dodd, Schmus, & Marvin, 1965; see Berg &
Wheeler, 1976). Finally, wt% totals for osumilite in this
study are 100.4 on average, suggesting that total molecular
weight has been slightly overestimated, not underestimated.
Despite the presence of hematite–ilmenite and spinel–magnetite solid solutions in sample 23A, the extent to which
Fe3+ is accommodated in osumilite remains unclear.
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4.2.2 | Elemental components not included in
the spinel solution model
The spinel–magnetite model of White et al. (2002) does
not include Mn, Cr or Zn. In sample 22H, Mn and Cr are
0.00–0.01 atoms per formula unit (apfu: four oxygen); in
sample 23A, Mn was 0.01–0.02 apfu; and in sample 18A1

Zn was 0.01 apfu (Table S2). The effect of Zn on Al–spinel stability was studied experimentally by Nichols, Berry,
and Green (1992). While Zn can greatly expand spinel’s
stability to lower temperatures and higher pressures, the
small amount of ZnAl2O4 in the spinel of this study is negligible considering the geological and numerical uncertainties in thermobarometry and phase equilibria; 0–0.01 apfu
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F I G U R E 6 Interpreted pressures and temperatures of metamorphism for the samples in this study. (a) The stability fields of prograde, peak
and retrograde mineral assemblages from pseudosections in Figure 5. (b) Independent estimates for the P–T conditions of the samples in this
study. Osumilite in sample 23A contains Na, Ca, Ti, Mn and possibly Fe3+, none of which are accounted for in the osumilite solution model
used in Figures 5 and 6a. Independent estimates for osumilite stability are provided by the experiments of Das et al. (2001; high fO2) and
Carrington and Harley (1995; low fO2). Spinel in sample 18A contains <1 mol.% ZnAl2O4, which is not accounted for in the spinel solution
model used in Figures 5 and 6a. The effect of Zn on spinel stability was evaluated by Nichols et al. (1992); for 1 mol.% ZnAl2O4, the stability
of spinel with quartz expands ~8°C down temperature. Feldspar thermometry provides an additional, independent P–T constraint. Estimates of
peak temperature from these methods are only slightly lower than estimates from pseudosections

corresponds to <8°C down-temperature shift in spinel–
quartz stability. The effect of Mn and Cr on spinel stability
is not known, but likely to be similarly negligible considering their low concentrations. Together, the spinel–quartz
stability calculations and feldspar thermometry provide
independent P–T estimates from those constrained by the
osumilite stability calculations.

4.2.3 | Elemental components not included in
the biotite solution model
Fluorine can increase the stability of biotite to higher temperature (Dooley & Pati~
no Douce, 1996; Finch & Tomkins,
2017; Motoyoshi & Hensen, 2001), but is not included in
the solution model of White, Powell, Holland, et al.
(2014). In all modelled samples, biotite occurs as coronae
around other mafic phases or as xenoblastic grains in the
matrix and is interpreted to be exclusively retrograde in

these samples; the P–T interpretations of this study do not
rely on reactions involving biotite.

4.2.4

| Samples chosen for pseudosections

Two samples of osumilite gneiss were modelled. (1) Sample
22H was chosen because of its relatively low ferric iron
content compared to the other osumilite-bearing rocks; there
is no magnetite other than exsolution lamellae in spinel and
there is no hematite exsolution in ilmenite. (2) Sample 23A
was chosen because it is the only sample with fresh osumilite. The ferric iron contents of samples 22H and 23A were
estimated from the observed modes and compositions of
mafic phases. These values were then adjusted iteratively
during the construction of the pseudosections until the
approximate measured oxide compositions were reproduced
at the inferred peak P–T conditions. For 22H, this resulted
in Fe3+/Fetotal = 0.1; for 23A, 0.25. To test the sensitivity of
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the outputs to different ferric iron contents, pseudosections
were calculated at half and twice the values described
above; the main effects were changes in the lower temperature stability limit of Al-spinel and reactions involving ilmenite outside the P–T conditions relevant to the rock. The
key relationships of osumilitegarnet were affected by less
than 0.1 GPa and 25°C (Figure 5b). As discussed above,
and again below, the results of osumilite-bearing pseudosections are limited by the lack of Fe3+, Mn, Ca, Na and Ti in
the osumilite solution model.
Of the hercynite–quartz gneisses, sample 18A was chosen for pseudosection modelling because it lacks retrograde
cordierite and therefore provides a low-P constraint on the
retrograde P–T path. Furthermore, the spinel contains no
magnetite exsolution, <1 mol.% ZnAl2O4, and no measurable Cr, indicating that its stability should be well
described by the spinel solution model of White et al.
(2000). Ilmenite is end-member FeTiO3, corroborating the
lack of ferric iron in the rock.
The H2O content in all calculations was set such that
the silicate melt was ~10 vol.% at the inferred peak P–T
conditions; this was ~0.5 mol.% H2O for all rocks. Due to
these low H2O contents, the lower temperature mineral
assemblages in the initial pseudosection calculations were
melt absent. To better illustrate the potential prograde
phase equilibria (prior to melt extraction), the portions of
the diagrams at lower temperature were recalculated both
by reintegrating melt (as described by Korhonen et al.,
2013) and by simply increasing the bulk-rock water content
until the entire diagrams became melt-saturated. The results
of both methods were nearly identical, because the two
most abundant components of the reintegrated silicate melt
were, by far, H2O and SiO2; the additional SiO2 has no
effect on the phase equilibria, because the modelled assemblages are already saturated in SiO2. This is consistent with
the findings of Bartoli (2017) who tested different methods
of melt reintegration and found that the stability limits of
phases were similar in all calculations. The phase equilibria
at temperatures lower than the low-H2O solidi in Figure 5
(bold dash-dot lines; referred to as residual solidi elsewhere) were obtained by increasing the bulk-rock water
content, as this was both a simpler and more objective calculation. The amount of water required to saturate the full
diagrams with melt was 2–3 mol.%. Although these calculations illustrate potential prograde phase relationships, no
detailed inferences about the low-temperature P–T path of
the rocks are made in this study due to a lack of definitively prograde mineral relationships.

4.3

| Pressure–temperature path

Pressure–temperature path inferred from pseudosections:
The peak temperature reached by sample 18A (Al-spinel–
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quartz gneiss) is constrained by the stability of one ternary
feldspar+spinel: >910°C (Figure 5c). The peak P–T conditions reached by sample 22H (osumilite–garnet gneiss) are
constrained by the stability of osumilite–garnet–spinel:
925–1,050°C/0.4–0.7 GPa (Figure 5a). The peak P–T conditions reached by sample 23A (fresh osumilite gneiss) are
constrained by the stability of osumilite without garnet:
>940°C/<0.6 GPa (Figure 5c). The inferred peak temperature mineral assemblages in pseudosections of all samples
overlap in the range of 940–1,050°C/0.4–0.6 GPa (Figure 6a).
The dominant coronal relationships preserved in the
osumilite and Al-spinel–quartz gneisses consist of garnet
and sillimanite mantling Al-spinel and are interpreted to be
indicative of the FMAS reactions spinel+quartz?garnet+sillimanite during cooling (and related reactions in
more chemically complex systems; Figures 2 and 3). The
ubiquity of Al-spinel, sillimanite and quartz inclusions in
garnet from sample 22H (Figure 2) are also interpreted to
reflect retrograde garnet growth by this reaction. Similar
microtextures were identified in granulites from the Musgrave Block of central Australia by White et al. (2002) and
interpreted to be the result of the same reaction (alternatively, Boger et al., 2012; interpreted similar garnet [no sillimanite] coronae around magnetite and Al-spinel to reflect
garnet growth during prograde biotite breakdown; Zn in
Al-spinel was invoked as a mechanism that might have stabilized Al-spinel to lower temperatures than garnet allowing
garnet to grow around spinel during heating). The moderate
Clapeyron slope of the reaction spinel+quartz?garnet+sillimanite (see figure 2 of White, Powell, & Holland, 2007)
prohibits robust interpretation of the nature of the P–T path
(clockwise, counterclockwise, or isobaric). However, the
presence of retrograde cordierite in sample 22H, but not
18A, requires near-isobaric cooling through the granulite
facies at ~0.45–0.6 GPa (Figure 6b). Magnetite inclusions
in osumilite from sample 23A are compatible with either a
clockwise (Figure 6a) or counterclockwise P–T path, but a
clockwise P–T path is more consistent with the observations of Boger et al. (2012) and J€ons and Schenk (2011);
uncertainty in the prograde path is discussed in more detail
below.
Comparison with other P–T estimates: The stability
limits of osumilite must be interpreted with caution due
to the absence of minor components in the solution
model. Independent estimates for the P–T conditions of
metamorphism are provided by the stability limit of
spinel–quartz
in
sample
18A
(garnet+sillimanite=spinel+quartz in the system FeO–MgO–Al2O3–SiO2
adjusted for minor Zn after Nichols et al., 1992), feldspar
thermometry (Section 4.1), the experimental stability limits
of osumilite–garnet in low fO2 rocks (Carrington & Harley, 1995), and the experimental stability limits of
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osumilite in high fO2 (Das et al., 2001). Together, these
independent P–T estimates suggest metamorphism at 910–
950°C/<0.65 GPa, although the upper temperature limit is
poorly constrained by extrapolation of the experiments of
Das et al. (2001) to lower pressure (Figure 6b). These P–
T estimates are not significantly different than those
inferred from pseudosections of osumilite-bearing rocks
above. Viewed holistically, the temperature estimates of
this study agree with those of J€
ons and Schenk (2011:
900–1,000°C) and the upper limit of the estimates of
Boger et al. (2012: 880–920°C).
The pressures obtained in this study and Boger et al.
(0.4–0.6 GPa) are lower than those obtained by J€ons and
Schenk (2011; 1.0 GPa). This may be the result of different thermobarometric approaches or differences in the rocks
targeted in each study. J€
ons and Schenk (2011) determined
peak pressures and temperatures from the intersections of
experimentally calibrated thermobarometers from different
rocks (e.g. intersection of Al in orthopyroxene in one rock
with GASP in another rock). When using internally consistent thermobarometers from single rocks along the western
margin of the domain (using the AvPT method of THERMOCALC), the calculated P–T conditions were 936  190°C/
0.83  0.2 GPa (2r), which are compatible with the P–T
conditions reported by Boger et al. (2012) and this study.
An additional limitation in comparing the P–T estimates
from J€
ons and Schenk (2011) and this study is that many
(but not all) of the P–T estimates of J€
ons and Schenk came
from rocks along the western margin of the Anosyen
domain and in the Androyen domain, whereas the thermobarometry in this paper comes from the central and eastern
portion of the domain (Figure 1). The higher pressures estimated by J€
ons and Schenk could, in part, reflect higher
metamorphic pressures to the west.
Prograde metamorphism between 0.55 and 0.7 GPa was
determined by Boger et al. (2012) based on the inferred
co-stability of garnet, sillimanite and cordierite during prograde metamorphism within the “Bakika” and “Amparihy”
formations. Alternatively, a higher-pressure prograde path
(≥1 GPa) was suggested by J€
ons and Schenk (2011) based
on the intersections of garnet–plagioclase–orthopyroxene–
quartz, garnet–sillimanite–quartz–plagioclase, and garnet–
orthopyroxene (Al in orthopyroxene) equilibria from different rocks. Both studies inferred a clockwise P–T path
based on retrograde growth of cordierite. In sample 23A of
this study, fresh osumilite contains inclusions of magnetite
(Figure 2a). This inclusion relationship is consistent with
heating at ~0.65 GPa (as proposed by Boger et al., 2012)
or during isothermal decompression at ~950°C (as proposed by J€
ons & Schenk, 2011). Although the prograde
path remains poorly constrained, all interpretations are
compatible with a clockwise P–T path passing through
~900°C/0.5 GPa. In Section 5, we demonstrate that such a
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P–T path is also compatible with observed trends in monazite composition from sample 22H.
Orthopyroxene in the symplectites after osumilite in
sample 23A: Orthopyroxene is present in the symplectites
after osumilite in sample 23A (Figure 2a), but does not
occur as a stable phase in the pseudosection of that sample
(Figure 5b). Phase stability within fine-grained symplectites
has been demonstrated to reflect local chemical potential
gradients that develop as a result of limited and differential
elemental mobility at the time of symplectite formation
 ıpska, Powell, White, & Bald(Schorn & Diener, 2017; St
win, 2010; White, Powell, & Baldwin, 2008). This has
been shown most starkly by Baldwin, Powell, White, and
 ıpska (2015) who documented sapphirine, corundum and
St
spinel as spatially restricted components of symplectites
after kyanite in quartz-bearing high-P granulites. Pseudosections constructed from whole-rock compositions showed
that none of these phases were part of an equilibrium mineral assemblage at the hand-sample or thin-section scale
(corundum may never be stable with quartz: Harlov &
Milke, 2002); rather, the limited elemental mobility created
chemical potential gradients between the kyanite and surrounding matrix resulting in heterogeneous distribution of
minerals within the symplectites.
In sample 23A, orthopyroxene was only found in Kfeldspar–cordierite–quartz symplectites immediately adjacent to fresh osumilite; even adjacent to the osumilite, its
presence is spatially restricted (Figure 2a). Such restricted
and discontinuous occurrence of orthopyroxene within the
symplectites of this sample is similar to the restricted and
discontinuous occurrence of spinel/sapphirine/corundum in
the examples described above. We interpret orthopyroxene
adjacent to osumilite to be the result of local chemical
potential gradients during symplectite formation, rather than
part of an equilibrium mineral assemblage at the thin-section scale. The absence of orthopyroxene from the pseudosection of this sample (Figure 5b) is consistent with this
interpretation. For an additional example of chemical
potential gradient-controlled mineral stability, the reader is
 ıpska, Powell, and Racek (2014) and St
 ıpska,
referred to St
Powell, Racek, and Lexa (2014). For a more general discussion on the scale of equilibrium during high-grade metamorphism, the reader is referred to Guevara and Caddick
(2016).

5 | U–Pb LASER-ABLATION-SPLITSTREAM ICP-MS MONAZITE AND
ZIRCON GEOCHRONOLOGY
Monazite and zircon were dated by Laser-ablation splitstream ICP-MS (LASS). Details of these analyses are
presented in Appendix S3; data are in Tables S5 and
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S6. For further explanation of the method, see Kylander-Clark, Hacker, and Cottle (2013) and KylanderClark (2017). The reported dates in this paper are
weighted means of multiple analyses. The reported
uncertainties reflect the 2SE of the weighted means and
should only be used to compare dates from the same
mineral (monazite with monazite or zircon with zircon)
within this study. For comparing zircon and monazite
dates or dates from either mineral with dates from other
studies, a 2% uncertainty should be used, reflecting the
long-term reproducibility of homogeneous reference
materials in the laser-ablation ICP-MS laboratory at the
University of California, Santa Barbara.

5.1
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| U/Th–Pb LASS monazite

5.1.1 | Monazite U/Th–Pb dates and their
relationship to the P–T path
Concordia diagrams of all samples are presented in Figure 7. Discordant analyses from samples 21A, 23C, 18B
and MD69 define a discordia with an upper intercept near
1,900 Ma and are coloured red; these dates correspond to
the dominant peak in detrital zircon from the Anosyen
domain and related metasedimentary rocks in Madagascar
and south India (Boger et al., 2014; Collins et al., 2012).
Analyses that are coloured red and dashed, but appear concordant in U–Pb concordia diagrams (Figure 7a–f), have
discordant U–Pb–Th–Pb isotopic ratios. Dates mentioned
below are U–Pb dates.
The oldest concordant analyses from all samples that
are statistically indistinguishable by the MSWD criterion
(Wendt & Carl, 1991) are 579  5 Ma. These analyses
correspond to a minor peak in the PDF of all concordant
dates (Figure 7i) and are interpreted to reflect monazite
neocrystallization during prograde metamorphism (450–
600°C; Spear, 2010).
Large monazite grains within symplectite after osumilite
in sample 23A are interpreted to have been former inclusions in osumilite (Section 3.1 and Figure 2a). All analyses
from these inclusions are 561  6 Ma (Figure 7h). Based
on the inferred inclusion relationship, this is a maximum
date for osumilite growth and for the peak temperature of
metamorphism. This date coincides with emplacement ages
of the older generation of plutons in the Anosyen Batholith.
Monazite with oscillatory zoning (Figure S1) located
within a segregation of equant feldspar, quartz and cordierite in sample 23A is interpreted to have crystallized as the
rock cooled through its solidus. Based on the residual solidus calculated for this sample (Figure 5b), the temperature
at the time that this monazite grew was 930–940°C. All
analyses from this monazite yield a mean date of 550  6
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Ma (Figure 7g). This is the oldest reported date for partial
melt crystallization in the Anosyen domain (Section 2.2),
and thus a minimum date for the peak temperature of metamorphism.
A majority of the monazite analyses are younger than
550 Ma (Figure 7i) and define two peaks: 535 and
522 Ma. These broad peaks correspond to dates reported
for leucosome, pegmatite, small-pluton and hydrothermal
crystallization during cooling of the domain (Collins et al.,
2012; J€ons & Schenk, 2011; Paquette et al., 1994; Tucker,
Roig, Delor, et al., 2011; Tucker, Roig, Macey, et al.,
2011). This is consistent with models of monazite solubility in silicate melts: monazite is predicted to dissolve during high-grade metamorphism and precipitate during
cooling and melt crystallization (Stepanov, Hermann,
Rubatto, & Rapp, 2012).

5.1.2

| Monazite composition

Monazite dates from sample 22H span the entirety of the
metamorphic event and display trends in composition; the
petrological significance of these trends is discussed here.
The compositional variables discussed are Gd/Yb and Eu/
Eu* (Eu* = [Sm 9 Gd]0.5); values used in the ratios are
normalized to concentrations of the elements in C.I. chondrite (McDonough & Sun, 1995). Monazite dates from
each of the other samples only span a portion of the metamorphic event and many of the analyses in each of these
samples are the same age within uncertainty, meaning that
trends in monazite composition cannot be reliably identified; compositions of monazite in these samples are not
discussed.
Gd/Yb in sample 22H decreases between 580 and
550 Ma, after which it increases (Figure 8a). This pattern
can be seen in individual monazite grains (Figure 8c): lowY (high Gd/Yb) cores were mantled/replaced by high-Y
(low Gd/Yb) mantles, and then followed by low-Y rims
(high Gd/Yb). Eu/Eu* exhibits the same trend (Figure 8d).

Monazite Gd/Yb and garnet growth/resorption
We interpret decreases in monazite Gd/Yb to reflect garnet
breakdown, whereas increases are interpreted to reflect garnet growth (e.g. Mottram et al., 2014; Rubatto, Hermann,
& Buick, 2006; Stearns et al., 2013). For sample 22H, this
implies that the mode of garnet decreased at c. 550 Ma
and subsequently increased (Figure 8a,b). This is consistent
with the petrographic interpretation of retrograde garnet
growth by the reaction spinel+quartz?garnet+sillimanite
(Figure 2; Section 4.2.1) and with six of seven analyses
from monazite inclusions in garnet having dates younger
than 550 Ma (Figure 8a). These trends are compatible with
metamorphism along a clockwise P–T path, in which the
mode of garnet decreases towards high temperature and
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F I G U R E 7 (a–f) Concordant monazite dates record 80 Ma of tectonic and thermal activity in the Anosyen domain from 580 to 500 Ma. (g–
h) Monazite inclusions in osumilite and from a leucocratic segregation—interpreted to have formed during melt crystallization—at the same
outcrop constrain the timing of peak metamorphism between 561  6 and 550  6 Ma. (i) PDF of all concordant monazite dates inversely
weighted by number of analyses per sample. The oldest dates define a peak at 575 Ma—interpreted as prograde monazite neocrystallization—
whereas the majority of analyses are <550 Ma and interpreted to reflect growth or recrystallization during cooling

low pressure and subsequently increases during cooling
(Figure 8b).

Monazite Eu/Eu* as a record of changes in oxidation
state
Changes in Eu/Eu* in monazite have been interpreted to
reflect changes in the mode of feldspar (e.g. Holder,
Hacker, Kylander-Clark, & Cottle, 2015; Mottram et al.,
2014; Rubatto et al., 2006): increases reflect feldspar
breakdown and decreases reflect feldspar growth. According to this hypothesis, Eu/Eu* in monazite should increase
during partial melting within the granulite facies as feldspar
breaks down, and decrease during melt crystallization as
feldspar grew. This trend is opposite to that observed in

sample 22H: Eu/Eu* decreases during partial melting (feldspar breakdown) and increases during melt crystallization
(feldspar growth; Figure 8d,f).
Implicit, but never discussed in the model described
above, is that bulk-rock Eu3+/Eutotal is less than unity,
Eu3+/Eutotal is constant, and KdEu2+feldspar/monazite is >>1.
We propose that changes in Eu/Eu*monazite could also be
the result of changes in Eu2+/Eu3+, because of the difference in size and charge between Eu2+ and Eu3+ (Shannon,
1976). The experiments of Burnham et al. (2015) demonstrated that constant Eu3+/Eutotal in silicate melts has a temperature dependence parallel to the quartz–fayalite–
magnetite (QFM) buffer. Although the exact value of Eu3+/
Eutotal depended on melt composition in their experiments,
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F I G U R E 8 Monazite compositions reflect changes in the mode of garnet and bulk-rock fO2 during metamorphism. Data are from sample
22H. (a) Gd/Yb in monazite record garnet breakdown during heating and garnet growth during cooling, consistent with petrographic observation
in Figure 3 and garnet modes (b) calculated from a plausible clockwise P–T path extracted from pseudosections in Figure 5. (c) Y zoning in
individual monazite grains shows low-Y cores, high-Y mantles and low-Y rims, consistent with Gd/Yb trends in a: high Gd/Yb corresponds to
low Y. (d) Eu/Eu* decreases prior to 550 Ma, then increases, but is not correlated with Sr/Ca as expected for partitioning if bulk-rock Eu2+/Eu3+
was constant. (e) fO2 decreases, then increases along the P–T path proposed in Figure 7a due to changes in mode and composition of spinel.
Changes in fO2 relative to QFM result in corresponding changes in Eu3+/Eutotalrock (Burnham et al., 2015) and might explain the observed trends
in Eu/Eu*monazite, but lack of a correlation between Eu/Eu* and Sr/Ca. See text for more details. (f) Total feldspar decreases towards higher
temperatures and lower pressures as a result of partial melting. It has been hypothesized that feldspar breakdown during partial melting should be
recorded as an increase in monazite Eu/Eu* (e.g. Rubatto et al., 2006); the opposite is observed for the gneisses of south Madagascar, further
supporting the novel hypothesis that monazite Eu/Eu* can reflect changes in fO2
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the results suggest that relative changes in Eu3+/Eutotal can
be inferred from changes in fO2 relative to QFM (for convenience, all mentions of fO2 in the following paragraphs
are relative to QFM).
Whether changes in bulk-rock fO2 are recorded by monazite Eu/Eu* can be tested by comparing monazite Eu/Eu*
with Sr or Sr/Ca (normalizing to Ca removes the effect of
the brabantite substitution—[Ca,Sr]Th↔2REE—on monazite Sr concentration). If Eu3+/Eutotal remained constant
during metamorphism (fO2 remained constant), changes in
Eu/Eu*monazite should be positively correlated with changes
in Sr/Camonazite because Sr2+ and Eu2+ have nearly identical ionic radii (Shannon, 1976) and will therefore be
equally compatible in each phase. If Eu/Eu*monazite and Sr/
Camonazite are not correlated, the data may indicate changes
in fO2 and Eu3+/Eutotal during metamorphism.
In sample 22H, Sr/Camonazite is positively correlated
with Eu/Eu*monazite at Eu/Eu*monazite > 0.1, but shows no
correlation at Eu/Eu*monazite < 0.1. The positive correlation
at Eu/Eu*monazite > 0.1 is not robust, being strongly
influenced by a single outlier datum (Figure 8d). The
lack of robust correlation between Sr/Camonazite and Eu/
Eu*monazite is compatible with changes in Eu/Eu*monazite
having been influenced by changes in fO2.
Changes in fO2 can result from fluid–rock interaction
(open system) or from changes in mineral assemblage in
unbuffered rocks (closed system). The magnitude of opensystem modification of fO2 in the osumilite gneisses cannot
be constrained. To test how much bulk-rock fO2 and monazite Eu/Eu* might have changed from closed-system
metamorphism (from changes in pressure and temperature
only), the pseudosection of sample 22H was contoured
for lO2, an intensive variable defined by the compositions
and proportions of the Fe2+–Fe3+-bearing solid solutions
(garnet, biotite, ilmenite and spinel in our pseudosection).
The fO2 was calculated from lO2 along the proposed P–T
path using the relationship f O2ðT;PÞ ¼ expð½lO2ðT;PÞ 
lO2 ðT;1bar, pure O Þ =RTÞ; Figure 8e). Along this path, fO2
2
decreased during heating and decompression and increased
during cooling; the total magnitude of the change is
~1 log10 unit. The largest change in fO2 is correlated with
the growth and breakdown of spinel (Figure 8e). The exact
relationship between fO2, T and Eu3+/Eutotal is not known
for this type of rock; however, the experiments of Burnham
et al. (2015) on silicate melts suggest that one log10 unit
change in fO2 is sufficient to change Eu3+/Eutotal by 0.05–
0.15 (higher fO2 = higher Eu3+/Eutotal); this is similar to
the total variation in monazite Eu/Eu* observed in sample
22H (0.12).
In summary, Eu/Eu*monazite has been interpreted as a
record of feldspar growth and breakdown, but fO2 likely
plays a role too in some systems. Eu/Eu*monazite from sample 22H does not correlate with Srmonazite (or Sr/Ca) as
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expected for partitioning in a system with constant Eu3+/
Eutotal. Modelled changes in fO2 along the proposed P–T
path may correspond to sufficient changes in Eu3+/Eutotalrock
to explain the observed variation in Eu/Eu*monazite. The
modelled changes in fO2 were a function of pressure, temperature and mineral assemblage only; the largest changes
in fO2 corresponded to the growth and breakdown of spinel. Open-system fluid–rock interaction might also influence bulk-rock fO2 and therefore Eu/Eu*, but changes in
fO2 as a result of fluid–rock interaction are likely to be
small in most metamorphic environments due to the large
buffering capacity of rocks (Dyar, Lowe, Guidotti, &
Delaney, 2002; Rumble, 1978).

5.2

| U–Pb LASS zircon

Zircon grains in the majority of samples are <30 lm across
and only a few grains were found in most samples. One
exception to this is osumilite gneiss 23A, in which several
100 lm zircon grains occur in association with a retrograde
biotite corona around magnetite and ilmenite (Figure 9).
The grains contain oscillatory zoned cores, CL-dark mantles and CL-bright rims. U–Pb analyses from grain cores
define a discordia between 1,900–1,800 and 600–500 Ma.
Concordant mantle and rim analyses are 580–520 Ma, similar to monazite dates (above), but the ubiquity of an inherited component, and the lack of any trends in zircon
composition make the P–T significance of the dates
unclear. The Ti-in zircon temperatures (Ferry & Watson,
2007) have a weighted average of 790  8°C and there is
no correlation between Ti concentrations and U–Pb dates.
Either the zircon grains were not in equilibrium with the
other phases in the rock (possibly due to their position in
the now-former osumilite) or they did not grow/recrystallize at UHT. A similar lack of compositional equilibrium
during resetting of zircon U–Pb dates has been documented
in the granulites of Blansky Les in the Bohemian Massif
 ıpska, Powell, Hacker, Holder, & Kylander-Clark,
(St
2016). All monazite from this sample is isotopically homogeneous: 561  6 Ma (Figure 7h).

6
6.1

| DISCUSSION
| Duration of heating and cooling

We infer prograde metamorphism in the Anosyen Domain
of southern Madagascar to have lasted <29  8 Ma based
on the differences between the oldest monazite dates from
all samples (579  5 Ma) and the oldest monazite interpreted to have formed from melt crystallization
(550  6 Ma; Figure 10; see Section 5.1.1 for discussion
and evaluation of the data). The difference in melt crystallization age and the age of monazite inclusions in osumilite
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at the same outcrop (sample 23A) constrains the residence
time of the rocks near the peak metamorphic temperature
(~930°C) to have been <11  8 Ma.
The U/Th–He monazite dates (530–510 Ma) from the
gigantic monazite at Manangotry Pass indicate that the
rocks took c. 30 Ma to cool to 400°C (Montel et al.,
2018): an average cooling rate of 17  7°C/Ma. The Sm–
Nd garnet–zircon–monazite–whole-rock isochron date of
588  13 Ma, reported by Paquette et al. (1994) from an
Al-spinel–quartz gneiss, corresponds with the time of prograde metamorphism inferred in this study and the
emplacement of the early plutons of the Anosyen Batholith
(Figure 10), which also preserve Sm–Nd isochron dates
consistent with prograde to peak metamorphism (c. 570–
560 Ma). Smit, Scherer, and Mezger (2013) have suggested
that preservation of Sm–Nd dates through a UHT event
requires short residence time at UHT and cooling rates of
20 to >100°C/Ma through the granulite facies, an interpretation that is consistent with the short duration of peak
metamorphism estimated in this study and the cooling rates
constrained by the monazite U/Th–He dates described
above.
The short duration of prograde metamorphism, short
residence time at peak temperature and potentially rapid
cooling rates all suggest that advection of heat may have
been important for the formation of the osumilite gneisses.
However, the interpretation that metamorphism was the
result of continental collision and the overall long duration
of the metamorphic event—recorded by monazite and zircon within the gneisses—is compatible with radiogenic
heating within a long-lived thick crust. Below, we discuss
the relative importance of advected and radiogenic heat.

6.2 | Can metamorphism be explained by
high radiogenic heat production within
thickened crust and no advection?
Horton et al. (2016) and Clark et al. (2015) proposed that
UHTM in southern Madagascar and southern India might
have been caused by the accumulation of radiogenic heat
in the middle to lower crust if a 60–70 km thick crust was
maintained for c. 60 Ma and if the crust contained an
anomalously high concentration of the heat-producing elements U, Th and K. Measured high heat-production rates
from gneisses in these terranes and long durations of metamorphism were cited as support for this hypothesis. The
models of Horton et al. (2016) were particularly thorough,
demonstrating the sensitivity of crustal temperatures to the
distribution of heat-producing elements, thermal conductivity, mantle heat flow and erosion rates.
The means and 95% confidence intervals of heatproduction rates from regional whole-rock data (taken from
GAF-BGR 2008 and U, Th and K concentrations corrected
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to 600 Ma) for all the tectonometamorphic domains of
southern Madagascar are plotted against the ratio of peak
metamorphic temperature at peak metamorphic pressure
(Figure 11). For terranes in which isothermal decompression has been inferred, the P–T conditions prior to decompression were used. Uncertainties in temperature and
pressure were taken to be 50°C and 0.1 GPa. The highest
average heat-production rate, ~3.5 lW/m³, is associated
with the highest T/P metamorphic rocks (Anosyen and
Antananarivo domains). The T/P of metamorphism is correlated with heat-production rates at the terrane scale. To test
the magnitude of heating that might have resulted from
radioactive decay within a thickened crust, one-dimensional
lithospheric heat flow models were constructed, which are
described briefly below and more thoroughly in
Appendix S1.
We calculated relaxation of the thermal gradient of the
crust following thickening from 30 to 60 km using onedimensional finite-difference heat flow models for three
high heat-production profiles: a homogeneous crust with a
heat-production rate of 2 lW/m³, a homogeneous crust
with a heat-production rate of 3 lW/m³, and the heat-production profile used by Horton et al. (2016) for the southern Anosyen domain. General details of the modelling
approach were described by Peacock (1989). Specific
model parameters are outlined in Appendix S1; heat-production profiles for each model are shown in Table S7.
Figure 12a shows the crustal thermal gradient 40 Ma
after thickening (the maximum duration of prograde
metamorphism from this study: <29  8 Ma) for each
model—using a “typical” mantle lithosphere thickness of
140 km—compared to the peak P–T estimates and P–T
paths from this study, J€ons and Schenk (2011), and
Boger et al. (2012). Only the models with average crustal
heat-production ≥3 lW/m³ reached the peak P–T conditions proposed by these studies.
Figure 12b shows the time required to heat the crust to
930°C at a depth of 25 km (~0.65 GPa; corresponding to the
pressure estimates of this study and Boger et al.) as a function of mantle lithosphere thickness (proximity of the lower
crust to the convecting mantle) for each of the models. Temperatures of 930°C at 25 km depth are only reached in the
models if heat-production rates are >3 lW/m³ and the mantle
lithosphere is <80 km thick. Such a thin mantle lithosphere
may not be unreasonable for a collisional orogen. UHT lower
crustal xenoliths have been documented in Qiangtang, Tibet
(Hacker et al., 2000), directly overlying mantle with anomalously slow seismic wave speeds (e.g. Liang et al., 2012;
McNamara, Walter, Owens, & Ammon, 1997). The low
wave speeds have been interpreted to reflect a thin lithospheric mantle (40–80 km thick; e.g. Jimenez-Munt, Fernandez, Verges, & Platt, 2008; Tunini et al., 2016) and possibly
asthenospheric upwelling following lithospheric foundering
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F I G U R E 9 (a) U–Pb zircon dates in osumilite gneiss 23A define a discordia between 1,850 and 550 Ma. Ti-in-zircon temperatures have an
average value of 790°C and are not correlated with date (see online version for analyses coloured by Ti concentration). (b) Optical photomicrograph
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(e.g. Jimenez-Munt & Platt, 2006; Liang et al., 2012; Molnar,
England, & Martinod, 1993).

6.3 | How important were advective heat
sources?
The short time-scales of heating (<29  8 Ma), preservation of Sm–Nd dates from prograde to peak metamorphism,
the location of osumilite gneisses around the Anosyen Batholith (Figure 1), emplacement dates for many of the high-T
plutons within the Anosyen Batholith during prograde to peak
metamorphism (Figure 10; Section 2.2), the low pressure of
regional metamorphism (~0.6 GPa: Boger et al., 2012; this
study) and the extreme heat-production rates required

throughout the crust to reproduce metamorphic P-T estimates
in models (Figure 12a,b and Section 6.2)—all suggest that
advective heat sources might have been important in the thermal evolution of the southeastern Anosyen domain.

6.3.1

| High-T melt transfer within the crust

The Anosyen Batholith consists of >80% anhydrous granitoids and is the largest pre- to syn-tectonic body of the
Ambalavao suite (GAF-BGR, 2008). In this section, we
more generally refer to all of the plutons in southeast
Madagascar as the Anosyen Batholith. The majority of
dates from the Batholith are 570–560 Ma with a lesser
number at c. 530 Ma (Section 2.2 and Figure 10); the
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Manangotry Pass (Montel et al., 2018),
magmatic dates (see text for references),
and Ar/Ar biotite dates from Manangotry
Pass (Montel et al., 2018); the average
cooling rate is 17  7°C/Ma for 550–
520 Ma
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monazite veins at
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F I G U R E 1 1 Average heat-production rate of southern Malagasy
terranes correlates with the apparent thermal gradient of
metamorphism (metamorphic temperature divided by metamorphic
pressure). Decay of U, Th and K was an important heat source for
high-grade metamorphism at the terrane scale (P–T data from GAFBGR 2008; Gregoire et al. 2009; J€
ons & Schenk 2008; Martelat et al.
1997; and this study)

mode of dates from the Batholith correlates with the timing
of prograde to peak metamorphism. Isotopic data on the
Batholith are limited to three whole-rock Nd isotope measurements of granites compatible with formation from crustal melting (Paquette et al., 1994); however, gabbro and
quartz monzonite with trace-element composition distinct
from the granites (no isotopic data is available) suggest
some of the magmas had a different source (GAF-BGR,
2008), possibly the mantle. Hercynitic spinel in some of
the granitoids indicates emplacement temperatures in the
granulite facies. Orthopyroxene granitoids (“charnockites”)
were likely emplaced at temperatures of 950–1,050°C
(Frost & Frost, 2008; Kilpatrick & Ellis, 2011); this generalization is corroborated by modelling the crystallization of
these orthopyroxene granitoids in rhyoliteMELTS

(Appendix S2), which suggests magmatic temperatures of
1,000–1,100°C. The high magmatic temperatures estimated
for the plutons, and large extent of the Batholith (Figure 2),
suggest that magmatic advection may have been an important heat source for metamorphism in the surrounding
gneisses.
To investigate the potential magnitude of heating caused
by the Anosyen Batholith, we calculated the minimum volume of magma required to heat a metamorphic terrane to
930°C using the following energy balance:
ð930  Tc ÞCpc Vc qc ¼ Vm qm ððTm  930ÞCpm þ LÞ
Tc is the temperature of the crust into which the magma is
emplaced, Cpc the heat capacity of the crust, qc the density
of the crust, Vc the volume of crust into which the magma
is emplaced, Vm the volume of the magma, qm the magma
density, Tm is the emplacement temperature of the magma,
Cpm the heat capacity of the magma and L the latent heat
of crystallization of the magma. For simplicity, the density
of the magma and the crust were assumed to be the same;
Cpc = 1.25 J/gK; Cpm = 1.5 J/gK; and L = 300 J/g.
The volume of magma calculated this way is a minimum, because (1) if the magma is emplaced over a period
of time rather than instantaneously, conduction causes cooling; (2) the latent heat of crystallization for the crustal
rocks is neglected, because the fertility of the rocks at the
time of magma emplacement is unknown; and (3) not all
of the batholith was emplaced during prograde metamorphism (Figure 10; Section 2.2). Emplacement of magma
over a millions of years, rather than instantaneously, results
in smaller magnitude, but longer lived heating (Chapman
& Furlong, 1992).
The results of these calculations are shown in Figure 12c.
The peak temperatures for the Anosyen domain >100 km
away from the Batholith (800–850°C: Boger et al., 2012;
Raith et al., 2008) were used as the possible temperature of
the crust into which the magmas intruded. We used half the
area proportion of the Batholith currently exposed as the volume proportion of intruded magma; only half the aerial
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F I G U R E 1 2 Models of plausible heat sources for UHTM in the
Anosyen domain. (a) Model thermal gradients for crust with high
radiogenic heat-production rates—and no advective heat transfer—
40 Ma after crustal thickening from 30 to 60 km (duration of heating
constrained by monazite dates; this study). Average crustal heatproduction rates ≥3 lW/m³ are necessary for models to reproduce the
P–T–t estimates of this study, Boger et al. (2012), and J€
ons and
Schenk (2011; see Section 6.1 and Appendix S1 for model details).
(b) Same models as A, showing the influence of mantle lithosphere
thickness on the temperature-time evolution of the crust at 25 km
depth. The short duration of prograde metamorphism estimated in this
study is best fit with a mantle lithosphere thickness less than 80 km
and a highly radiogenic crust. Similarly, thin mantle lithosphere is
inferred beneath modern central Tibet (e.g. Jimenez-Munt et al.,
2008; Tunini et al., 2016). (c) Energy balance calculations showing
the volume of magma required to heat a terrane to 930°C as a
function of magma temperature and host-rock temperature prior to
intrusion. The volume of the Anosyen Batholith may have been
sufficient to explain the difference in peak metamorphic temperature
between gneiss with osumilite near the batholith (~930°C) and
gneisses without osumilite far away from the batholith (800–850°C).
While advection of heat by magmatism is unlikely to have been the
dominant source of heat for regional metamorphism, it may have
been a locally important addition to the high rates of radiogenic heat
production. See text Section 6.3.1 for further information

the orthopyroxene granites are representative of the batholith, the Anosyen Batholith is large enough to explain the differences in peak metamorphic temperature across the domain
—930°C near the batholith (this study) and 800–850°C near
Ihosy (Boger et al., 2012; Raith et al., 2008)—but the Batholith is not large or extensive enough to have been the only
heat source for metamorphism. This is supported by recognition of very high temperatures (~900°C) recorded by Zr-inrutile (Horton et al., 2016) and Fe3+-rich sapphirine-bearing
rocks (J€ons & Schenk, 2011; Wheller et al., 2015) near the
western margin of the domain, ~60 km from the batholith.
Additional, mantle-derived heat sources that may have contributed to crustal melting and metamorphism are discussed
below.

6.3.2 | Mantle-derived heat sources: Mafic
magmatism and asthenospheric upwelling

(c)
0
500

ET AL.

800

900

Temperature of host rock prior to intrusion (°C)

extent of the Batholith was used in the calculations to provide a conservative estimate for the magnitude of heating, in
recognition of younger dates reported for some of the plutons
(Section 2.2). If the calculated emplacement temperatures of

Although minor, gabbro within the Anosyen Batholith suggests that mafic magmatism (and associated asthenospheric
upwelling) may have contributed to heating the Anosyen
domain. The similarities in major- and trace-element ratios
in the gabbro and the much more abundant quartz monzonites of the Batholith (GAF-BGR, 2008) and the low densities of the exposed gneisses (2.7–2.8 g/cm³ calculated
from the pseudosections of this study) suggest that mafic
(denser) plutons may be more abundant at depth (Glazner,
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1994). The thermal significance of mafic magmatism may
be underestimated by the current exposure. Mantle-sourced
heating is also suggested by oxygen and carbon isotopes of
marbles, calcsilicates and metamafic rocks from the largest
regional shear zones (such as the Beraketa shear zone that
separates the Anosyen and Androyen domains, Figure 1;
Pili, Sheppard, Lardeaux, Martelat, & Nicollet, 1997) which
suggest mantle-derived fluids entered the crust during orogenesis, possibly associated with mafic magmatism or lithospheric thinning (Pili, Ricard, Lardeaux, & Sheppard,
1997). Despite the scarcity of exposed mafic plutons, it cannot be ruled out that mafic magmatism and/or asthenospheric upwelling contributed significant heat to the terrane.
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